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ABSTRACT

Freshwater flux used as a natural boundary condition for the salinity balance is applied to a primitive equation
model of the oceanic general circulation. Instead of the relaxation condition or the virtual salt flux boundary
conditions used in many existing models, the real freshwater flux across the upper surface is specified as the
vertical velocity boundary condition for the continuity equation, and the salinity flux is set to identically zero
at the sea surface. Numerical experiments show that 2 model with the natural boundary conditions runs smoothly.

Much important physics involving the freshwater flux emerge from the new model. The barotropic Golds-
brough-Stommel gyres driven by the precipitation and evaporation, which were excluded in the previous nu-
merical models, are reproduced. In addition, the model’s results reveal extremely complex structure of the
three-dimensional circulation driven by the freshwater flux. In fact, a relatively small amount of freshwater flux
drives very strong meridional and zonal cells and baroclinic gyres, which are 100 times stronger than the driving
freshwater flux. Most importantly, the model provides an accurate description of the meridional salt fluxes and
their roles in setting up the thermohaline circulation. It is suggested that, with or without the rigid-lid approx-
imation, the real freshwater flux can be used as the upper boundary condition in oceanic general circulation
models, including the mixed-layer models, the ice-ocean coupling models, and atmosphere-ocean coupling

models.

1. Introduction

Oceanic circulation is an essential part of the climate
system. Although much progress has been made in
simulating the oceanic general circulation, several im-
portant issues remain challenging. One of these prob-
lems is the improper boundary conditions used for cal-
culating salinity in most existing primitive equation
models.

In many numerical models both the temperature
and salinity are forced by relaxation conditions at the
upper surface. The implementation of the relaxation
condition to oceanic general circulation models can be
traced back to the early work by Haney (1971). After
carefully analyzing the heat flux budget across the air—
sea interface, including the incoming solar radiation,
back (longwave) radiation, sensible heat, and latent
heat, Haney proposed a simple parameterization of the
air-sea heat flux:

Hy= Tpc,(T* — T),

where T is a relaxation coefficient, whose value is about
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0.70 md™!, and T* is the reference temperature. Both
I’ and T™ can be chosen within a certain range. This
parameterization for air-sea heat flux has been used
extensively in oceanic general circulation studies.

In many existing models the same relaxation con-
dition has been used for the salinity flux. The imple-
mentation of a relaxation condition for salinity has
very little physical justification. An advantage of the
relaxation condition is that models based on this type
of condition can reproduce the temperature and salinity
distribution that fits observations at the sea surface.
The disadvantage of the relaxation condition is the di-
agnostic nature of the boundary condition—that is, a
model based on such a boundary condition can fit the
data—however, it gives no dynamic explanation why
the surface temperature and salinity pattern exists as
observed. This upper boundary condition for the sa-
linity may be tolerable as long as we are just interested
in simulating the present-day ocean circulation, whose
salinity distribution on the sea surface has been ob-
served for a long time. Recent advances in climate
modeling, however, have posed questions about the
climate system under conditions different from those
of the present day. The surface temperature and salinity
under such situations are unknown. In fact, surface
temperature and salinity should be calculated as a part
of the solution of a complete climate model. Similarly,
the application of the relaxation condition to ocean
forecasting is questionable.

For a long time numerical modelers were content
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with the single stable solution provided by models based
on the relaxation condition for temperature and salin-
ity. The possibility of having multiple solutions under
the more realistic boundary conditions was largely ig-
nored. The study of multiple solutions for the ther-
mohaline circulation can be traced back to the early
work by Stommel (1961). The connection between
multiple solutions of the thermohaline circulation with
the freshwater flux has been emphasized by Rooth
(1982) in his review paper on hydrology and oceanic
circulation. Broecker et al. (1985) posed the question
of whether the ocean-atmosphere system has more
than one stable mode. This question has been answered
positively by Bryan (1986), who produced the first pair
of multiple solutions in an oceanic general circulation
model.

To find the multiple solutions Bryan (1986) designed
some special techniques that are still widely used. His
approach can be summarized as the following. First,
run the model forced by relaxation conditions for both
temperature and salinity to a quasi equilibrium. Sec-
ond, diagnose the equivalent salt flux required for
maintaining the salinity balance. Third, run the model
with the diagnosed salt flux as the boundary condition
for the salinity. Since the relaxation condition still ap-
plies to the temperature balance, the boundary con-
ditions in the third step are generally called the mixed
boundary conditions.

As Bryan (1986) found, solutions obtained at the
first step are generally not very stable to the mixed
boundary conditions. Under small perturbations these
solutions drift away. Although the so-called mixed
boundary conditions have been known for a long time,
the instability and drifting phenomenon have been the
major difficulties.

A common shortcoming in both the relaxation
boundary condition and the mixed boundary condi-
tions is the requirement of an unphysical virtual salt
flux through the atmosphere. In the oceans, salinity
balance is actually determined by freshwater flux across
the air-sea interface, and the salt flux across the air-
sea interface is practically zero. The freshwater flux
across the air-sea interface is an important component
of the ocean-atmosphere coupled system. In the oceans
this plain water flux controls the salinity balance, so it
is a major player in the thermohaline circulation.

Hough (1897) first considered the saline circulation
driven by evaporation and precipitation. Since he did
not know how to parameterize friction, his discussion
was limited to the spinup phase of the saline circulation.
Goldsbrough (1933) obtained a closed saline circula-
tion in the North Atlantic by assuming a very special
geographic distribution of evaporation minus precip-
itation. Stommel (1957, 1984) pointed out that, in
principle, circulation driven by evaporation minus
precipitation in the ocean interior can be closed by
western boundary currents. Recently, the barotropic
Goldsbrough-Stommel circulation in the world oceans
has been discussed by Huang and Schmitt (1992).
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The barotropic Goldsbrough-Stommel circulation
has been ignored for long time, partially because it is
relatively weak compared with the wind-driven cir-
culation. A simple scaling analysis indicates that the F
— P driven barotropic mass fluxes are about 1 Sv or
less (1 Sv = 10% m*s™'); this is about a few percent
of the wind-driven or the thermally driven circulation).
However, a close examination reveals that there is no
role for the salinity in their solution. If there was no
salinity difference between the rainwater and seawater,
the Goldsbrough-Stommel gyres would be a perfect
description for the E — Pdriven circulation. However,
the E — Pinduced dilution /concentration of salt gives
rise to a very strong and complicated baroclinic struc-
ture of the saline circulation.

The salt mixing-induced recirculation in salty es-
tuaries is well known. Freshwater input F from river
runoff is relatively small. If there were no mixing, the
only motion would be confined to a thin layer of plain
water on the top, Fig. la. However, there is mixing
induced by tide, waves, or wind stress, so salt is en-
trained into the upper layer, Fig. 1b. Assuming a steady
state, the salt balance gives

(F + R)Sy; = RSy, (1)
thus, the return flow is
So
R= F. 2
S, = S (2)

Generally, Sy =~ S}, due to strong mixing, so R > F;
that is, the return flow is many times larger than the
river runoff.

Similarly, the North Atlantic can be treated as a huge
estuary. Assume precipitation at high latitudes is ex-

No Vertical Mixing With Vertical Mixing

c) d)

FIG. 1. Schematic models of plain water-driven circulation. (a)
and (b) River runoff (F)-driven circulation in a salty estuary; (c)
and (d) evaporation minus precipitation-driven circulation in a closed
basin. The vertical scales are exaggerated, especially the free surface
elevations.



2430

actly balanced by precipitation at low latitudes (Fig.
lc and 1d). First, let us assume there is absolutely no
mixing. At time ¢ = (, rainwater starts to come into
the subpolar basin and.evaporation starts at low lati-
tudes. Precipitation at high latitudes builds up the free
surface, and water starts to flow toward low latitudes
(rotation modifies the path). At low latitudes in the
beginning evaporation would make some water saltier,
which sinks to depth; this would give rise to motion in
the salty water. However, as fresh water arrives in low
latitudes and gradually covers the entire upper surface
of the basin, evaporation can affect only the fresh water,
but not the salty water. As the residual motions in the
deep water gradually lose their kinetic energy, the only
motion will be the equatorward flow of fresh water on
top of stagnant deep, salty water (Fig. 1¢).

Second, if there is vertical mixing, there will be a
very strong return flow induced by vertical mixing:

So
R AS F>» F.
Because AS is much less than S;, a small amount of
precipitation can drive a strong meridional circulation.
Because of the horizontal pressure gradient due to the
stratification, the meridional gradient of free surface
elevation in the case with mixing is much larger than
the case without mixing.

Although it is believed that the freshwater forcing is
as important as the thermal forcing in determining the
thermohaline circulation, the fresh water—forced cir-
culation has been basically ignored. In fact, fresh water—
forced large-scale circulation is not mentioned in most
textbooks on oceanic circulation. Because most existing
oceanic general circulation models assume vertical ve-
locity to be exactly zero at the sea surface, the Golds-
brough-Stommel gyres are excluded from these mod-
els. Thus, the water cycle through the atmosphere and
the oceans is not simulated correctly. It is time to ex-
amine the dynamical roles of freshwater flux. As the
first step, it seems interesting and important to study
the simplest possible case—a saline circulation forced
by freshwater flux alone.

The outline of this paper is the following. First, dif-
ferent boundary conditions for the salinity balance will
be analyzed. In particular, the disadvantages and pitfalls
of the virtual salt flux condition will be emphasized.
Second, the freshwater flux condition under the so-
called rigid-lid approximation will be applied to the
Bryan-Cox model. Third, the model will be used to
study a saline circulation forced by freshwater flux
alone. In fact, the focus of this study is to examine the
three-dimensional structure of the saline circulation.
In addition, the differences between the new model
and the old models will be examined.

2. Three types of boundary conditions for the
salinity balance

In this section the focus is on different types of
boundary conditions for the saline circulation in the
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x-z plane. For convenience, Cartesian coordinates will
be used in this section.

The salinity balance in a surface box, shown in Fig.
2, can be written as

s | 1 N L1 e
a7 T[S = (S)TT+ T I(wS)” = (wS)]

_ﬁ + Q- Ef_ + _ Q-
_AX(SX SX)+AZ(SZ Sz)a (3)

where (4S)* and (4S)~ are the salt flux advected across
the right and left boundaries, S} and S are the hor-
izontal salinity gradient at the right and left boundaries;
similarly, (wS)* and (wS)~ are the salt flux advected
through the upper and lower boundaries, and S7 and
S are the vertical salinity gradient at the upper and
lower boundary; A, and k; are the horizontal and ver-
tical diffusivity for the salt, and Sy = k,S7 is the tur-
bulent salt flux cross the air-sea interface. In addition,
vertical velocity is prescribed on the upper surface:

w=w" at z=0. (4)

a. Relaxation condition

(i) w* = 0: so (wS)" vanishes. This boundary con-
dition is usually called the rigid-lid condition. As will
be discussed shortly, the rigid-lid approximation does
not necessarily require the vertical velocity to be zero
at the upper surface.

(i) Sy=I'(S* — S): where S* is specified according
to climatological mean surface salinity.

b. Mixed boundary condition

(i) w* = 0: so (wS)* vanishes.

(ii) Sy= (E — P)S: where E and P are the evapo-
ration and precipitation, and S is the salinity in the
box. This is the virtual salt flux required for the salinity
balance.

%}
!
LN
%)
&

FG. 2. A finite-difference grid box in the x-z plane.
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¢. Natural boundary condition

(i) w* = E — P: this is the freshwater flux controlling
the salinity balance.

(ii) (wS)* — kST = 0: Note that within the water
column there is always a turbulent salt flux kS, and
an advective salt flux wS. However, in the air there is
no salt, so both these terms are identically zero, al-
though w is not zero. At the air-sea interface the tur-
bulent flux must exactly cancel the advective flux so
that there is absolutely no salt flux across the air-sea
interface, as required by the physics. Thus, we may call
this turbulent flux Sy = k,.S; an antiadvective salt flux.
As seen from the preceding discussion, Sy= (E — P)S
below the air-sea interface; however, this flux is iden-
tically zero above the water because there is no salt
advection and no need for the antiadvective salt flux.

Accordingly, the salinity balance for a surface box
is reduced to

s | 1 N I S
"a?+2\'§[(“s) —(uS)7] AZ(WS)

— As + - k3 - 7
- A.X(Sx Sx) AZSZ. (3)

If the mixing terms are negligible, the total salt is con-
served, so the local salinity change is due to freshwater
dilution /concentration.

In many previous mixed-layer models and primitive
equation models for the oceanic general circulation the
so-called “rigid-lid” approximation has been inter-
preted as equivalent to setting the vertical velocity to
zero at the sea surface. Without a vertical flux of plain
water through the upper surface, the salinity change
due to evaporation and precipitation has to be simu-
lated by the virtual salt flux as discussed. Therefore,
the so-called antiadvective salt flux has been substituted
as a forcing to simulate the salt balance. However, the
essential assumption of the rigid-lid approximation is
to move the upper boundary from the free surface z
= 7 to the rigid lid z = 0, and it is not inconsistent
with adding a small vertical velocity at the air-sea in-
terface. As long as we are only concerned about large-
scale geostrophic motions of climate time scales, the
rigid-lid approximation is valid (see the Appendix).

In fact, the rigid-lid approximation has been used
in many models with nonzero vertical velocity at z
= 0. For example, in many quasigeostrophic models
the dynamic effect of wind stress curl is simulated by
imposing the equivalent Ekman pumping velocity at
the upper surface. In general, the Ekman pumping ve-
locity is about 30 times larger than the vertical velocity
associated with precipitation and evaporation. Since
all these quasigeostrophic numerical models have been
used extensively without any trouble associated with
the nonzero vertical velocity on the upper surface, this
should be true for the primitive equation models too.
For motions of planetary scale or motions associated
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with seasonal time scale (or shorter), the rigid-lid as-
sumption may not be valid, and a free surface should
be included in the calculation.

d. The pitfalls of the relaxation and mixed
conditions

These three boundary conditions are quite different
in their physical meaning and numerical stability. Since
the relaxation condition is a negative feedback, the so-
lutions are stable. Notice that the oceanic circulation
is a turbulent system, so it is essentially a chaotic sys-
tem. When we say the solution obtained using the re-
laxation condition is stable, we only mean that there
is no instability directly associated with the boundary
condition.

Although the ability to match the observed surface
salinity may be an advantage for simulating the present
climate, it may not be suitable for simulating the
oceanic circulation for general situations. For example,
the surface salinity for the world oceans in the remote
past and in the future is unknown, so the relaxation
condition cannot apply. The implementation of the
relaxation condition also eliminates the possibility of
getting into some other possible modes of the ther-
mohaline circulation. Similarly, using the salinity re-
laxation condition for oceanic forecasting is question-
able because neither the reference salinity distribution
S* nor the suitable relaxation constant is clear.

The natural condition is a zero salt flux condition,
so its numerical stability may be similar to that of the
mixed conditions. However, these two boundary con-
ditions are different in terms of physics and numerical
implementation. To illustrate the essential difference
between the virtual salt flux condition and the natural
condition, let us consider the following simple cases.
Assume that the size of the grid box is of one unit and
there is neither horizontal nor vertical diffusion; that
is, A; and k; are zero. In addition, w = 0 at the lower
interface. An upwind scheme is used for the finite dif-
ference.

Based on the natural boundary condition, the salinity
balance and continuity equations give

DS 4§

— =4 yutS—u S =

Di Py u"S—u" 8§ 0, (5)
ut=u"+P-ELE. (6)

Suppose P — E = 0 and S~ = § at initial time ¢ = 0.
For ¢ > 0, fresh water (precipitation ) enters from above,
P — E > 0. Within a short time period after the fresh-
water flux is turned on, the salinity is practically uni-
form— S~ =~ S—so the local salinity changes according
to

A

FYlad (P—E)S.

The salinity decreases due to freshwater dilution; there

(7)
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is no need for virtual salt flux. Notice that this is the
essential difference between the present boundary con-
dition and the relaxation boundary condition and the
mixed boundary conditions where the virtual salt flux
is essential for the salinity balance in the surface boxes.

For long time, the salinity approaches

u- P—-F
u‘+P—ES N(l u” )S' (8)

Therefore, freshwater flux gives rise to the horizontal
salinity gradient generated by dilution/concentration,
which drives the oceanic circulation.

In comparison, the salt balance for the case of mixed
boundary conditions gives

DS 4§

i o +u(S—-S87) (P—-E)S,
where u* = u~ = uis forced by the continuity equation.
As t — oo, the salinity approaches

u P—-F
S u+P—ES ~(l ” )S. (10)
Although these two models look the same, they have
totally different physical meaning and their numerical
instability could be quite different.

There are essential difficulties associated with the
first and second types of boundary conditions. First,
to balance the salt in the oceans a huge virtual salt flux
through the air-sea interface and the atmosphere is
required for taking up the salt from the subpolar basin,
transporting it equatorward, and depositing it there
(Fig. 3a). The virtual salt flux required in the North
Atlantic can be estimated as

S (E—P)S ~ 0.3 %X 10°kgs™

35
X —— ~ 1.05 X 107 -1,
1000 1.05 0" kgs

It is worth noting that such a virtual salt flux must

(9)

(11)
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FI1G. 3. (a) Meridional circulations in an atmosphere-ocean coupled
model. Old models based on virtual salt flux. (b) New model based
on natural boundary condition of plain water flux.
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continue to flow poleward in the ocean; thus, this vir-
tual salt flux would appear as the meridional salt flux
across zonal sections based on these old models. In
reality, there is a water cycle going through the atmo-
sphere-ocean coupled system, and the virtual salt flux
is a misinterpolation of the water cycle (Fig. 3b). Since
the hydrologic cycle is an important part of the ocean-—
atmosphere coupled system, it is much better to sim-
ulate the water cycle directly and avoid any confusion
associated with the virtual salt flux.

Second, the original definition of virtual salt flux
includes a positive (negative ) feedback wherever evap-
oration is stronger (weaker) than precipitation. Such
a feedback is unphysical, although it is rather weak. In
addition, using the (E — P)S to force a model can
cause the total salt in a basin to increase unboundedly.
The argument is very simple indeed. At the present
day, the global integration of precipitation minus
evaporation should be zero:

[[&-ras-o

where water storage on land is ignored. However, the
global integration of the virtual salt flux is larger than
Zero:

(12)

ff(E—.P)SdA>O. (13)

This is due to a positive correlation between evapo-
ration and high salinity. For example, evaporation is
very strong in the subtropical North Atlantic, which
gives rise to a salinity of more than 37 psu; meanwhile,
excess precipitation in the subpolar Pacific gives rise
to a surface salinity lower than 33 psu. Thus, to avoid
the salinity explosion one must use the virtual salt flux
defined by

Sy=(E — P)S,, (14)
where S is the mean sea surface salinity averaged over
the whole domain of the model. The new form (14)
eliminates the unwanted feedback between local salin-
ity and salt flux and the global salinity explosion. How-
ever, this constraint can introduce large errors wherever
the local salinity is much different from the basin or
global mean. For example, surface salinity in the North
Pacific can be lower than 33 psu, and the surface sa-
linity in the North Atlantic can be higher than 37 psu.
Suppose S; is defined as 35 psu for a World Ocean
circulation mode; a systematic bias of 10% will be in-
troduced through the upper boundary condition for
the salinity. _

The errors introduced by replacing S with .S, can be
very large near the river mouths or ice edge, especially
for high-resolution models. For example, salinity can
be lower than 10 psu near the mouth of the Amazon
River. A model based on the virtual salt flux would
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impose a salt flux several times larger than it should
be. As a result, the local salinity could become negative
(Syukuro Manabe 1992, personal communication ).

The other difficulty associated with the virtual salt
flux formulation is that the salt flux depends on the
mean sea surface salinity, which is unknown before the
whole solution is determined. In fact, S; can change as
the solution evolves and the time evolution of S itself
gives rise to some uncertainty of the salt flux. For ex-
ample, in numerical experiments involving halocline
catastrophe in a single-hemisphere basin, a model is
first spun up to a quasi equilibrium under the relaxation
condition for the salinity. Then, the equivalent salt flux
is diagnosed and used as a flux condition for the second
stage of the experiment where the halocline catastrophe
takes place. The mean sea surface salinity is relatively
high (for example, 36.5 psu) during the first stage be-
cause the system is in a thermal mode; however, the
mean sea surface salinity is relatively low (for example,
33.5 psu) after the halocline catastrophe because the
system 1is in a saline mode. If the virtual salt flux was
defined using the instantaneous mean surface salinity,
it should have been reduced by 10% during the tran-
sition from the thermal mode to the saline mode.
However, in previous numerical experiments, the vir-
tual salt flux is fixed throughout the entire numerical
experiment. In some sense, the salt flux used in the
final stage of these experiments is exaggerated about
10%. There has been much evidence suggesting that
the behavior of the system is very sensitive to the flux
imposed, so it seems important to reexamine these nu-
merical experiments with a model based on the natural
boundary condition.

Although the virtual salt flux has been used in general
circulation models only within the past few years, it
has been used in many books and papers involving
air-sea interaction for a long time. For example, a vir-
tual salt flux, (P, — Ey)Sy, appeared in the salinity
equation in the classic paper by Niiler and Kraus
(1977). As discussed here, this virtual salt flux is non-
physical. In addition, the global salinity conservation
requires replacement of the local Sy with the global
mean S;; thus errors are introduced through use of the
virtual salt flux.

The natural boundary conditions for the salinity
balance have been used in a study of the multiple equi-
librium states of the thermohaline circulation based on
simple box models by Huang et al. (1992). In this
study the focus will be on a general circulation model
without a mixed layer; however, the same principles
apply to all other cases involving freshwater flux across
the air-sea interface, including mixed-layer models,
ice~ocean coupling models, and atmosphere-ocean
coupling models.

Similarly, the current way of treating the river runoff
as distributed evaporation minus precipitation over
some latitude band is inaccurate. The suitable way is
to treat the fresh water from river runoff as just plain
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water (with zero salinity) entering the ocean by spec-
ifying the horizontal velocity normal to the coast.

3. The numerical model

In this section a numerical model is formulated using
the freshwater flux at the sea surface as the natural
boundary condition for the salinity balance. The no-
tation will follow that of Bryan (1969a), and the dis-
cussion is limited to the part that is different from
Bryan’s original model. The reader is referred to the
original paper by Bryan for some numerical detail.

In spherical coordinates it is convenient to define
an advection operator

Lp= "Z' (G + (v/m)g)] + (w2, (15)

where y is some scalar quantity, a is the radius of the
earth, ¢ is latitude, X is longitude, and

m = seco, (16)
n = sing, (17)
u=ak/m, (18)
v = ag. (19)

The equations of motion may be written as
m N
U, + Lu — 2Qnv — mnuv/a = — ;(p/po);\ + F
(20)

1
v, + Lv + 2Qnu + mnuu/a = —Z(p/po)«: + F°.

(21)
The hydrostatic relation is
pg = ~Dz, (22)
and the continuity equation is
W, + 1:— [ + (v/m);] = 0. (23)

The temperature and salinity satisfy conservation
equations

I+ LT=0, (24)
S+ LS=o. (25)

The terms F*, F®, Q, and ¢ represent the turbulent
viscosity and mixing.
The upper boundary conditions for the velocity are

(26)
wo=E—P at z=0, (27)

where k,, is the vertical momentum diffusivity, E is
the evaporation rate, and P is the precipitation rate, in

pokm(uz, v,) =7, 7% at z=0,
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centimeters per second. The upper boundary condi-
tions for the temperature and salinity in terms of flux
are

T;= T(T* — T), (28)
wS — k,S, = 0. (29)

Notice that a relaxation condition is applied to the
temperature, although other types of boundary con-
ditions can be applied to the temperature calculation
as well. The major difference from the traditional
models is the boundary condition for the salinity.

At the lower boundary the corresponding boundary
conditions are

pokm(uz, v:) = 75, T4 (30)
_u(=H)  v(—H)
a

w(—H) = mH,

(31)

T,=S8,=0, (32)

The lateral boundary conditions are the same as de-
scribed by Bryan (1969a).

H,

at z=—H.

a. How to calculate the barotropic velocity

The horizontal velocity field is decomposed into two
parts, a barotropic component and a baroclinic com-
ponent. The barotropic velocity can be calculated by
using a depth-integrated version of the horizontal mo-
mentum equations [(20), (21)]. However, the pressure
terms on the right-hand side are still unknown. There
are basically two ways to overcome this difficulty. First,
one can use a vertically integrated continuity equation
to predict the free surface elevation. As long as the free
surface elevation is known, the pressure term can be
calculated using the hydrostatic approximation. Due
to advances in altimetry data there has been some effort
to develop models with a free surface; for example, see
Killworth et al. (1991). Second, the pressure term can
be eliminated by introducing a barotropic streamfunc-
tion. Thus, instead of using very small time steps or
some implicit scheme to calculate the free surface, the
problem is reduced to solving an elliptic equation at
each time step. Since an elliptical equation can be
solved by iteration, for the cases of low resolution and
simple geometry this approach can save computing
time compared with the first approach, and this is what
has been used in the Bryan-Cox model.

In the present model a similar approach is used. First,
integrating the continuity equation (23) and using
boundary conditions (26), (31) gives

0
(f mﬁ+«fﬂiﬂ)=—f¢E—m.(%)
~-H N -Hm ® m

Now the depth-integrated velocity is not divergence
free. It is well known that any velocity field can be
described in terms of a streamfunction plus a potential
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function. Paralleling Bryan (1969a), a barotropic
streamfunction ¥ and a barotropic potential function
& is introduced:

0
af poudz = =V, + m®,, (34)
H

0
af povdz = mV¥, + &,. (35)
H

Cross-differentiating and adding (34), (35) gives

m? m {1
_2‘1’xx+_2(_ ‘I’¢) = —po(E—P). (36)
a a*\m %),

This equation should be solved with the no-flux
boundary condition along the edge of the basin; that
is, 3®/dn = 0 along the lateral boundary. If E — P is
independent of time, Eq. (36) needs to be solved only
once. However, if E — P is allowed to vary with time,
this equation has to be solved for each time step.

Introducing the surface pressure p;, one can write
the pressure as

0

p(Z)=ps+gf pdz. 37

z

Notice that p; is the unknown pressure required for
the rigid-lid approximation.

The time evolution of the barotropic streamfunction
can be obtained by integrating the momentum equa-
tions (20), (21) over the depth of the ocean and mul-
tiplying by apo/ mH and apy/ H, respectively:

), (3,

2Qn 1 FU
= —(Dh + ”'H_ (‘I’x +— ‘I’as) +—, (38)
m m
mi\ (%,
H I H t
2Qn
=~ (s + 5 (Yo = m®) + FV, (39)
where
_ 0
FU = ﬂf (Lu — mnuv/a — F*
H J-u
gm (°
+=— | pxdz')dz, (40)
apg Jz
—apg 0
FV = Lv + mmuu/a — F*®
H J-n
g [°
+ = p¢dz’)a’z. 41)
apgo Jz



NOVEMBER 1993

HUANG

2435

The surface pressure term can be eliminated by cross- differentiating and subtracting (38), (39)

m¥y Y\ _ (&) _ (% B
(H)xt_.-(Hm)d,, (H)¢t (H>M+(FV)>\ (FU/m),

1 20n
( r mq)d’)( H

This equation is subject to a boundary condition of ¥
= const along the lateral boundary. In this equation $
is given from previous calculation. Therefore, the
computation of the barotropic streamfunction is very
similar to the original Bryan—-Cox model except for
some small additional terms.

Before proceeding with other topics, it is important
to understand the meaning of (42). Let us assume a
simple case that satisfies the following constraints:

1) 8/8t=0

2) H = const

3) Nonlinear terms, such as Ly, Lv, and uv, are
negligible

4) p = const

5) [°, Pdz=1), [°, Fédz=1¢ =0

6) Bottom stress is negligible.

Under these assumptions equation (42) is reduced
to

1
0 = (apot*/m)y — (\Ifx + - <I>¢)29 cos¢

+ 2Q singa® cosppo(E — P). (43)

This can be further reduced to

BV =f(E - P) — m(%) . (44)
¢

This is the Goldsbrough-Sverdrup relation for the case
with both freshwater flux forcing and wind stress forc-
ing. In the ocean interior the meridional velocity is the
superposition of Goldsbrough gyres driven by the
evaporation and precipitation:

f(E—-P)

and Sverdrup gyres driven by the wind stress curl:

-(5)

mjy
To close these interior gyres there are western boundary
layers that transport water meridionally. Within these
boundary currents higher-order terms, such as lateral

or bottom friction, dominate.

As discussed, the horizontal velocity is decomposed
into two parts:

(u, v) = (&, D) + (4, D), (45)

Q 2
20800 g p). (42)
H m

2Qn
+ (¥ ~mq>)( )+
)¢ ¢ Y\ H )

where (i, D) are the barotropic velocity and (i, D) are
the baroclinic velocity. We have discussed how to cal-
culate the barotropic potential function and the baro-
tropic streamfunction. By differentiating these two
functions the vertically integrated barotropic velocity
Hii and HY are obtained. The calculation of the baro-
clinic velocity is the same as in the original Bryan-Cox
model.

b. Simple cases when ® is in analytical form

Consider a simple basin confined by two latitude
circles and two longitude circles. In addition, assume
that the precipitation and evaporation depend on the
latitude only; that is,

E — P = wo(e). (46)
Along the eastern and western boundaries, the no-flow
condition requires
Ug=®,=0 at A=A, and A=A,. (47)
Due to the symmetry of the problem, Uy = ®, = 0 is
held everywhere. The Poisson equation is reduced to
an ordinary differential equation in ¢, whose first in-
tegration is

dp
20 ds,

®, = poa’m
e M

(48)
where ¢, is the latitude of the northern boundary.
Therefore, the depth-integrated barotropic velocity due
to the source is

a ¢Il

= 036 Js Wo COS pdo.

® (49)
A consistent constraint must be imposed on the
evaporation and precipitation patterns; namely, the

basin-integrated freshwater flux must be balanced:

ff wp cospdNde = R,

where R indicates the sum of the river runoff along the
edge of the basin. If we treat the river runoff as part of
precipitation, then the basin integration of wy must be
exactly zero.

A simple, “linear” profile can be chosen for a basin
confined between the equator ¢ = 0 and the northern

(50)
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boundary ¢ = ¢, as

0 (
Wo
cos ¢

1—@y (51)

®n

where W, > 0 is the amplitude of precipitation. The
corresponding depth-integrated barotropic velocity due

to the potential function is
aWy ¢
Ve=———¢|1 ——]. 52
® coss ¢( ¢n) (52)

Notice that V' is negative everywhere, and it reaches
local minimum at ¢ = ¢,/2, where -

_ o a%
2 cos(¢n/2)

Since our understanding of the saline circulation is
rather elementary, it seems better to use a simple linear
profile, so that the structure of the solution is free of
dynamical details specific for individual profiles, such
as the £ — P profiles in the oceans by Baumgartner
and Reichel (1985) or Schmitt et al. (1989).

Assume there is no wind stress; the depth-integrated
meridional velocity driven by this linearly distributed
E—Pis

We < 0. (53)

V<I>,min =

_2¢
¢n

Accordingly, the depth-integrated meridional velocity
due to the streamfunction is

_aWy[sing [ 2¢ 9%
_cosqb[cosd)(l d>n)+¢(1 db:)]' (53)

Assume a 60° X 60° basin and Wy = | m yr~
~ 3 X 107%cm s~'; the E — P distribution mass fluxes
are shown in Fig. 4. The maximum precipitation rate
is 0.567 X 107> cm s ! at the middle of the northern-
most grid box. The slight nonlinearity in the profile is
due to the spheric weight function 1/cos¢. The total
southward mass flux due to the precipitation minus
evaporation reaches a maximum of 0.362 Sv at 30°N.

The interior flow is dictated by the Goldsbrough-
Sverdrup relation, and at high latitudes, the mass flux
in the ocean interior becomes larger and larger because
18 approaches infinity near the pole. At the same time,
the mass flux of the western boundary current required
for closing the circulation also increases quickly. Al-
though the barotropic mass flux of the Goldsbrough-
Stommel gyres is very small at low latitudes, it is fairly
large at high latitudes, and it may be a substantial part
of the total barotropic mass flux in the subpolar basin
and should not be neglected.

Notice that the velocity component represented by
the streamfunction is divergence free, so the meridional
mass flux due to the streamfunction in the ocean in-
terior is exactly balanced by an opposite flow within

V=Ve+ Vy=

aW, sing {
cos?¢

). (54)

v

1

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 23

Flux

-1.0 =

-1.5 . NI

T T T T T
0 10 20 30 40 S0 60

Latitude

Mass Fluxes

FIG. 4. Meridional distribution of mass fluxes: E — P is the evap-
oration minus precipitation (in 107 cm s™'), Miuerior i the poleward
mass flux in the interior, M, is the mass flux of the western boundary
current, M, is the total poleward mass flux; all these mass fluxes
are in Sverdrups.

the western boundary currents. Solving (55) for Vy
= ( gives ¢o =~ 38.9°N as the latitude separating the
northward western boundary from the southward
western boundary current.

4. Saline circulation driven by freshwater flux

In this section a simple. case will be discussed in
which the only forcing is evaporation and precipitation.
The basin is confined between the equator and 60°N,
and extended 60° zonally. To save computation time,
a 4° X 4° low-resolution B-grid model is used in the
numerical experiments. The horizontal viscosity (for
the velocity) is 4,, = 1 X 10° cm?s™!, and the hori-
zontal diffusivity (for the salinity) is 4, = 1 X 107
cm? 57!, The vertical viscosity and diffusivity are k,,
=k, = 1 cm? s~!. The time steps used are dtts = 60 h
for the salinity and dtuv = 3 h for the velocity. There
are 15 levels vertically, whose depths are 30, 76.3, 143.8,
238.3, 366.8, 537.3, 759.2, 1042.7, 1398.9, 1839.5,
2376.3, 3020.8, 3783.8, 4674.5, and 5700 m.

For the amount of vertical diffusion and vertical res-
olution, it is clear that the Peclet number may well
exceed 2, especially for the deep levels. Although in-
creasing the vertical diffusivity may help to reduce the
Peclet number, it also has some side effects. First, large
diffusivity is not consistent with oceanic observations.
Second, large diffusivity may wipe out some interesting
phenomena intrinsic to the system. Third, large dif-
fusivity would induce a large velocity because the cir-
culation is driven by mixing, so increasing the vertical
diffusivity may not help much to reduce the Peclet
number. Thus, the same values used in many other
numerical experiments have been used in this study.
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The convective adjustment scheme used in a model
may also be very important. It was previously noticed
that going through the convective adjustment loop in
the standard Geophysical Fluid Dynamics Laboratory
code only once for each time step (by default) does
not guarantee a complete convective adjustment, and
the stratification is not quite stable; for example, see
Killworth (1989). In the numerical experiments the
convective adjustment loop is repeated five times for
each time step to assume a more complete vertical
mixing for the unstable columns. It was found that, in
the numerical experiments when the convective ad-
justment loop is used only once per time step, some
false finestructure may appear; however, when several
cycles of convective adjustment are implemented, the
solution becomes smoother.

The simple profile discussed in the previous section
is used, with W, = 1 m yr~! (Fig. 4). The model is
spun up from an initially homogeneous state of rest
with a uniform salinity equal to 35 psu and temperature
equal to 12.5°C. (Notice that temperature will remain
constant everywhere because there is no heating or
cooling.) After 200 years of calculation, the model en-
ters into a quasi-periodic oscillation. After about 1600
years, the oscillation becomes very regular, although
the mean surface salinity still declines slowly. After
1712 years, the model reaches a state characterized by
an oscillation period of 18.87 years (Fig. 5). During
the spinup process the mean sea surface salinity de-
clines continuously and eventually settles to about
33.76 psu with an oscillation amplitude of 0.005 psu.
The freshening of the sea surface is typical of saline
circulation induced by sinking within a region of strong
evaporation. Notice that the oscillation is baroclinic in
nature, so the barotropic structure is steady. In fact,
the barotropic streamfunction reaches to the equilib-
rium state about one year after spinup from a state of
rest. The freshwater flux drives a barotropic circulation,
the so-called Goldsbrough-Stommel gyres (Fig. 6a).
There is an anticyclonic gyre in the northern basin,
driven by the precipitation, with a maximum mass flux
of about 0.7 Sv, and a cyclonic gyre in the southern
basin driven by the evaporation. The boundary be-
tween these two gyres is located at 37°N, which is very
close to the ¢y = 38.9°N boundary based on the inviscid
theory. Since the Coriolis parameter approaches zero
at the equator, the strength of the cyclonic gyre is much
weaker than that of the anticyclonic gyre to the north.

As discussed in the previous section, the barotropic
velocity is divided into two parts. The first part is de-
scribed in terms of the barotropic streamfunction that
is shown in Fig. 6a. The second part is represented in
terms of the barotropic potential function. The verti-
cally integrated mass flux through each box is the sum
of these two parts (Fig. 6b). In the subpolar basin in-
terior both of these two components are southward,
resulting in somewhat stronger southward mass flux in
the subpolar basin. The total southward mass flux in
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F1G. 5. Spinup of the model from the initial state of a homogeneous
ocean. (a) Mass fluxes of the direct (low curve) and the indirect
(upper curve) meridional cells (in Sv); (b) mean kinetic energy (in
erg cm~3); and (c) mean surface salinity (deviation from 35 psu).

the oceanic interior is about 0.7 Sv, which is smaller
than the results based on the inviscid Goldsbrough re-
lation shown in Fig. 4. These two components have
different signs in the subtropic basin, so the sum of
these two parts is a weak poleward flow in the interior.
Therefore, the barotropic velocity (mass flux) due to
evaporation and precipitation is very weak (about a
few percent of that due to wind-driven circulation);
however, as will be shown shortly, this tiny freshwater
flux can drive a very strong three-dimensional circu-
lation in the basin.

Near the western wall there are western boundary
currents whose existence is required for closing the mass
flux, as discussed by Stommel (1957). Notice that the
western boundary current is quite broad, and this is
due to the low resolution used in this study.

The idea that precipitation and evaporation can
drive large-scale circulation was proposed by Golds-
brough (1933). What Goldsbrough sought were the
barotropic gyres driven by the vertical velocity imposed
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FIG. 6. (a) Barotropic streamfunction and (b) integrated
meridional mass flux through each box (in Sv).

on the upper surface by precipitation and evaporation.
If there was no salt in the oceans, the freshwater flux-
driven circulation would have the simple barotropic
structure discussed by Goldsbrough (1933) and Stom-
mel (1957). However, there is salt in the oceans, and
mixing of fresh water with saline water can produce a
very strong baroclinic circulation in the basin. Nev-
ertheless, many important aspects of the saline circu-
lation driven by freshwater flux have been ignored so
far. In the remaining part of this study I will concentrate
on the time-mean, averaged over one period, three-
dimensional structure of the saline circulation induced
by mixing. The salt oscillation, its spatial structure,

time evolution, and physical mechanism will be dis-

cussed in separate papers.

Judging by the magnitude, the amount of fresh water
going through the system is tiny, just about 0.3 Sv. It
seems negligible compared with the barotropic mass

VOLUME 23

flux driven by the wind stress. It is probably the reason
why it has been overlooked for so long. However, in
the absence of the thermal forcing this tiny amount of
fresh water alone can drive a huge baroclinic circulation
in a three-dimensional basin. First, by integrating zon-
ally, one obtains a strong meridional cell, with strong
sinking at the equator and upwelling elsewhere. The
maximum mass flux of this meridional cell reaches
108.6 Sv (Fig. 7a). This meridional cell is directly
driven by the meridional pressure gradient induced by
the meridional salinity gradient, as seen in Fig. 7c. That
a small amount of fresh water (0.3 Sv) can drive a
large circulation of 108.6 Sv implies an amplification
factor of 350. Given such amplification, the model’s
response to the forcing must be very sensitive, so any
small change in the forcing and in the model formu-
lation may give rise to noticeable changes in the model’s
behavior.

The strength of the meridional overturning, 108.6
Sv, seems too large. Since mixing is the primary driving
force for the circulation, the strength of the meridional
cell could be reduced if small vertical mixing coeffi-
cients are used in the numerical experiments. The re-
sults of a parameter study of the model will be pub-
lished in another paper (Huang and Chou 1993). In
addition, the thermohaline overturning cell in the
oceans is determined by the combined effects of heat
and freshwater flux, which work against each other. As
a result, meridional overturning cells in the oceans are
much weaker.

Integrated meridionally, one can calculate the zonal
streamfunction (Fig. 7b). There are three zonal cells.
Within the top few hundred meters there is an anti-
cyclonic cell characterized by sinking along the western
boundary, the total mass flux of this cell is slightly more
than 5 Sv. The major feature is a direct cell with sinking
near the eastern boundary and upwelling in the interior,
whose strength is about 30 Sv. This clockwise cell is
driven by the east—west salinity gradient, as seen in Fig.
7d. In the abyss and off the eastern boundary there is
an indirect cell, whose maximum mass flux is 10 Sv.

The salinity distribution is characterized by the rel-
atively fresh water in the upper ocean and the relatively
salty water in the deep ocean. There is a prominent
halocline in the upper ocean, as seen in Figs. 7¢,d.

Looking from above, one would see two horizontal
gyres rotating in opposite directions. In the upper
ocean, from level 1 to level 7 (760 m deep), there is
an anticyclonic surface gyre and a cyclonic deep gyre
below. By integrating the meridional velocity one can
obtain a baroclinic streamfunction map. The maxi-
mum mass flux of the surface gyre is about 15 Sv, as
shown in Fig. 8. (Notice that, in the horizontal plane,
the motion is not without divergence, so the velocity
field should be described as the sum of the contribution
from a streamfunction and a potential function.) There
is clearly an anticyclonic gyre in the northern part of
the basin. In the southern basin, the velocity is domi-
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FiG. 7. Time-mean circulation patterns, depth in kilometers. (a) Meridional streamfunction in Sverdrups. Notice that contour interval
is 20 Sv for the unlabeled curves. (b) Longitudinal streamfunction. (¢) Zonally mean meridional salinity distribution (deviation from the
mean salinity ). (d) Meridionally mean zonal salinity distribution (deviation from the mean salinity ), both in practical salinity units. Interval
is 0.05 psu for the solid contours and 0.5 psu for the dashed contours.

nated by sinking motion; thus, the streamfunction
alone does not give a complete circulation pattern.

The upper-layer velocity field is characterized by a
well-defined anticyclonic gyre, Fig. 9. Along the south-
ern boundary the strong velocity component perpen-
dicular to the wall implies strong sinking along the
equator. There is also sinking along the western
boundary, indicated by the velocity convergence near
the western wall. Along the northern boundary the
Goldsbrough relation requires a nonzero meridional
velocity; thus there is a frictional northern boundary
current to satisfy the no-flow condition, as shown by
the eastward current near the northern boundary in
Fig. 9. At deeper levels the center of the anticyclonic
gyre moves westward and its strength declines.

The sea surface salinity distribution, Fig. 10a, shows
a prominent north-south and east-west gradient. A
layer of relatively fresh water covers most of the upper
surface except the southeastern corner. The freshening

Latitude
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Baroclinic Streamfunction at 1370 Ys (F, ep=3.e—6)

FiG. 8. Horizontal baroclinic streamfunction (in Sv).
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of the surface water is the major feature of a saline
circulation. Within the upper ocean the flow is close
to geostrophic except near the western boundary. That
salinity is higher at the eastern/western boundaries
than that at the interior is consistent with the geo-
strophic constraint. Accordingly, the surface salinity
reaches its maximum at the southeastern corner, and
this is the region where bottom water in the model is
formed. As a result, although sinking takes place along
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the entire southern boundary, bottom water is formed
only at the southeastern corner. At a depth of 302 m,
the horizontal salinity contours resemble the anticy-
clonic gyre very closely. Notice that the meridional
salinity gradient reverses sign near the northern
boundary at depth 302 and 643 m. This reverse of
meridional salinity gradient gives rise to a southward
salt flux due to diffusion, as will be shown shortly. The
depth map of the halocline, defined as the zero salinity
interface, also serves as a good indicator of the anti-
cyclonic gyre in the upper ocean, as shown in Fig. 11.

For comparison, a test run of an old model based
on the virtual salt flux has been carried out. One of the
difficulties in using the virtual salt flux formulation is
that the mean surface salinity is unknown before the
solution is found. Here, we have used the basin-mean
salinity S = 35 psu. All other parameters are identical
with those in case 1 except the vertical velocity is set
to zero at the upper surface. The model is spun up
from the same initial state of rest, with the basin-mean
salinity equal to 35 psu. The spinup processes for these
two models are slightly different, as shown in Fig. 12.
The main difference is that the old model gives rise to
relatively fresher water in the subpolar basin. Notice
that the virtual salt flux is exact at the beginning of the
spinup. However, as the halocline is gradually devel-
oped, the mean surface salinity drifts toward a lower
value. As a result, the virtual salt flux formulation tends
to exaggerate the salt flux, especially in the subpolar
basin because the local salinity is the lowest.
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FIG. 10. Salinity (deviation from 35 psu) distribution at 15, 302, 643, and 1230 m (in psu).
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After 1712 years, the model reached a state of os-
cillation with a period of 40.48 years (slightly more
than doubling the 18.87-year period of the new model).
Given the period doubling, the oscillation character-
istics are quite different from case 1. For example, the
mean kinetic energy has much higher spikes, as shown
in Fig. 13, compared with case 1. However, the time-
mean solution of the old model is rather similar to the
new model, with a difference of a few percent for most
quantities. For example, the strength of the direct me-
ridional overturning cell is —108.6 Sv for the new
model and —112.7 Sv for the old model; the mean
surface salinity (deviation from 35 psu) is —1.235 psu
for the new model and —1.254 psu for the old model;
the north-south surface salinity difference (defined as
the mean surface salinity of the southernmost row of
grid boxes minus that of the northernmost row) is 2.840
psu for the new model and 2.961 psu for the old model.

The most important difference between these two
formulations is the surface salinity. As shown in Fig.
14, the time-mean surface salinity in the interior ocean
for the old model is lower than the new model. The
largest difference reaches 0.125 psu in the subpolar ba-
sin. Near the western boundary the salinity in the old
model is higher than the new model, with a maximum
value of 0.183 psu around 16°N. Although the differ-
ences between these two models seem minor, it may
be critical for the thermohaline circulation. In fact, a
0.125 psu difference in salinity can be decisive in de-
termining whether the cold surface water formed in
the subpolar basin would sink or not. One of the cases
of most concern is whethér the deep-water formation

Mean TKE
o
w
T

0.1 4 a)

T
1000
t

T
1100
!

T
1200
1

T
1300
L

T
1400

T
1500
1

T
1600
1

T
1700
i

—1.240 -

—1.245 -

—1.250 -

Mean Ss in psu

—1.255 =

b)

-1.260 T T T T T
800 900 1000 1100 1200 1300

Years

T T T
1400 1500 1800 1700

FiG. 13. Time evolution of an old model based on virtual salt flux.
(a) Mean kinetic energy (in erg cm™3); (b) mean surface salinity
(deviation from 35 psu).



Latitude

Longitude

Surface Salt Difference

Fi1G. 14. Difference in surface salinity, the new model
minus the old model (in psu).

in the North Atlantic will be interrupted due to changes
in atmospheric forcing, such as air-sea heat flux and
freshwater flux. The thermohaline circulation in the
North Atlantic is believed to be close to a critical state,
so small perturbations may trigger a “haline catastro-
phe.? In regard to the potential importance of accurate
understanding of the thermohaline circulation, it scems
important to simulate the salinity balance as accurately
as possible.

The major advantage of the new model is the correct
simulation of the meridional salt flux. It was previously
noticed that the meridional salt flux calculated from
models based on virtual salt flux was an artifact. In his
pioneering work, Bryan (1969b) pointed out that the
meridional salt flux should be interpreted as a merid-
ional freshwater flux in the opposite direction. Semtner
and Chervin (1992) have carried out a very ambitious
simulation of the global oceanic circulation; they have

also calculated the meridional salt fluxes due to ad-

vection and eddies. So far, however, the dynamic
meaning of the meridional salt fluxes has remained
obscure.

With the new model, the meridional freshwater and
salt fluxes are simulated much more accurately. As the
model is spun up from an initial state of homogeneous
ocean, there is a large southward salt flux due to the
equatorward motion of fresh water from precipitation
in the subpolar basin, which drives the barotropic cir-
culation in the model. As the meridional overturning
cell develops, the meridional salt flux due to the baro-
clinic circulation increases. It is readily seen that the
meridional salt flux due to the baroclinic cell is opposite
to the salt flux due to the barotropic velocity.

In fact, the meridional salt flux consists of two terms:

FS=F§d+F§f9
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where F3; = [[ vSdxdz is the salt flux due to advec-
tion, and

Fir= —ff ksggdxdz

is the salt flux due to diffusion, which is a parameter-
ization for the eddies. The advective salt flux can be
divided into three parts by noting that v = v + v/,
where ¥ is the barotropic velocity and v’ is the baroclinic
velocity, and S = § + §’, where S = 35 psu is the basin-
mean salinity. Therefore, one obtains

ff vSdxdz = Sff vdxdz + ff v’ S'dxdz
+ 7 ff S'dxdz.

The first term on the right-hand side is the contribution
due to barotropic velocity. Because of the excess pre-
cipitation in the subpolar basin, this term is always
negative and it is the dominant term in the beginning
of the spinup process. The second term is due to the
baroclinic velocity. Because in a saline circulation both
v’ and S’ are negative in the upper ocean and positive
in the deep ocean, this term is positive. Notice that
this term remains positive in a thermal mode of cir-
culation, in which both v’ and S’ are positive in the
upper ocean and negative in the deep ocean. The third
term is small because S’ changes sign with depth, and
the sign of this term is unclear. Therefore, the advective
salt flux is primarily controlled by the contributions
from the first and second terms. The major deficit of
the old model is the lack of the barotropic term, al-
though this is implicitly remedied by introducing the
virtual salt flux at the upper surface. Nevertheless, such
a virtual flux can be conceptually misleading.

As the model reaches a quasi equilibrium, the ad-
vective salt flux due to the baroclinic cell almost coun-
terbalances that due to the barotropic gyres. The net
advective salt flux is roughly balanced by the diffusive
salt flux, as shown in Fig. 15a for a section at 28°N.
In comparison, the meridional salt flux in the old model
is covered up by the artifact of the model. As shown
in Fig. 15b, the advective salt flux is zero in the begin-
ning of the spinup process because the velocity is very
small at this stage. When the model is spunup, the
meridional salt flux due to advection is large. That both
advective and diffusive salt flux are poleward at 28°N
is really an artifact of the old model; the sum of the
two is the meridional virtual salt flux. Although it has
been argued in previous studies that the meridional
salt flux should be interpreted as the freshwater flux in
the opposite direction, it is not clear how to interpret
different components of the meridional salt flux. For
example, one can ask whether meridional salt flux due
to eddies contributes to freshwater flux or not. Ac-
cording to the results from the new model, one can
interpret the salt fluxes from the old model by sub-
tracting a meridional salt flux due to freshwater flux,
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FIG. 15. Time evolution of the meridional salt fluxes at 28°N, in

106 kg s~': (a) the new model; (b) the old model based on virtual
salt flux.

which is absent in the old model. With this adjustment,
the meridional salt fluxes of the old model look similar
to the new model, and the time-mean (adjusted) ad-
vective meridional salt flux is balanced by that due to
diffusion.

As the models reach the final state of regular oscil-
lation after 1600 years, the meridional advective salt
flux also oscillates in phase with the diffusive salt flux.
As a result, the total meridional salt flux oscillates with
the same period, shown in Fig. 16. From the results of
the model, it is speculated that in the real oceans the
meridional salt flux due to eddy diffusion and advection
are nonzero, and they may also oscillate due to the
variabilities of the circulation.

The horizontal distribution of the meridional salt
fluxes is shown in Fig. 17. The advective and diffusive
salt fluxes in the new model are shown in the left part
of the figure. Notice that the advective salt flux is dom-
inated by the barotropic Goldsbrough-Stommel flow.
For example, the strong salt flux near the western
boundary, Fig. 17a, is due to the strong western
boundary currents, as predicted by Stommel. As a re-
sult, there is a poleward advective salt flux at high lat-
itudes. In comparison, the advective salt flux for the
old model, shown in Fig. 17b, is dominated by pole-
ward flux in the ocean interior and equatorward flux
near the western boundary, which are primarily due
to the anticyclonic surface gyre. It is important to notice
that the advective salt flux in the old model lacks the
barotropic component, which is dominant in Fig. 17a.
The salt flux due to diffusion is very similar for both
models. Notice that the diffusive salt flux is equator-
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ward near the northern boundary, which is due to the
reverse meridional gradient of salinity at middepth, as
shown in Figs. 10b and 10c.

The foregoing discussion has been concentrated on
one section at 28°N; the time-mean meridional salt
fluxes at other sections are depicted in Fig. 18. Since
the advective salt flux due to the barotropic velocity is
always equatorward and that due to the baroclinic ve-
locity is always poleward, the sign of the meridional
advective salt flux depends on the competition between
these two components. Apparently, the barotropic salt
flux is dominant south of 46°N, but the baroclinic salt
flux is dominant in the northern basin. Because the
sum of all salt fluxes should be zero, the salt flux due
to diffusion has the exact value of that due to advection
but with a different sign.

It is important to notice that even if the circulation
reaches a steady state, the total meridional salt flux in
the world oceans is nonzero. The existence of merid-
ional salt flux is due to the interbasin freshwater trans-
port. For example, the water flux through the Bering
Strait is about 0.8 Sv. This leads to a meridional salt
flux that must be constant in the North Pacific and
North Atlantic basins. According to the estimation
made by Wijffels et al. (1992), the total meridional
salt flux in the Atlantic is —26.7 X 10 kg s~! (south-
ward), which is about 30 times stronger than the ad-
vective salt flux calculated for the time-mean circula-
tion in the present model. It is important to notice that
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FIG. 16. Meridional salt fluxes, in 10® kg s™!. (a) The new model:
the thin solid line indicates the advective salt flux, the dashed line
the diffusive salt flux, and the heavy solid line the total salt flux. (b)
The old model: the thin solid line indicates the adjusted advective
salt flux, the dashed line the diffusive salt flux, and the heavy line
depicts the sum of the two salt fluxes. Notice that the salt oscillation
in these two models has quite different characteristics.
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FIG. 17. Horizontal maps of poleward salt fluxes, in 10° kg s~ per 4° longitude: (a) advective salt flux for the new model, -
(b) advective salt flux for the old model, (c) diffusive salt flux for the new model, and (d) diffusive salt flux for the old model.

the meridional advective salt flux need not be constant
in each basin. As previously discussed, the contribution
due to eddies varies with latitude, so the meridional
advective and eddy salt fluxes are not constant.

5. Conclusions

The relaxation condition and the so-called mixed
boundary conditions are inappropriate for ocean fore-
casting and climate modeling. First, both these bound-
ary conditions imply a nonphysical virtual salt flux
across the air-sea interface and through the ocean and
atmosphere. Second, these two conditions can intro-
duce systematic errors. A natural way of formulating
the upper boundary condition for the salinity balance
in primitive models has been proposed and tested in
the simplest situations of a purely freshwater-forced
system. Formulated on the base of real physics, the
natural boundary conditions are more accurate and
easy to apply. Although the discussion in this study
has been focused on a model without a mixed layer on

the top, it seems rather straightforward to apply the
natural boundary condition to the case including a
mixed layer on the top. One can hardly exaggerate the
importance of using the natural boundary conditions
for oceanic models. It is suggested that the natural
boundary condition could be used for all models in-
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FiG. 19. Schematic structure of the saline circulation driven by precipitation
at high latitude and evaporation at low latitude.

volving a salinity balance, such as mixed-layer models,
ice-ocean coupling models, and atmosphere-ocean
coupling models.

The numerical experiments for the case of an ideal-
ized freshwater-forcing model reveal the very interest-
ing structure of the saline circulation driven solely by
precipitation and evaporation. First, the Goldsbrough-
Stommel gyres have been reproduced. Second, the
model’s results reveal the intricate three-dimensional
structure of the saline circulation implied by the baro-
tropic Goldsbrough-Stommel gyres. In fact, there are
very strong circulations in the meridional, zonal, and
horizontal planes. The strength of these circulations is
two orders of magnitude larger than the forcing itself.
Given such big amplification factors, it is easy to un-
derstand that the model is very sensitive to any changes
in the forcings and the parameters. Third, the model
reproduces salt oscillation forced by freshwater flux
alone. It seems very important to study such oscillations
more carefully in order to understand the salt oscilla-
tion in the general case with more complicated forcings.

The most important results of this study can be
summed up in Fig. 19. On the left are the barotropic
Goldsbrough-Stommel gyres driven by evaporation
minus precipitation. There is an anticyclonic gyre in
the subpolar basin and a cyclonic gyre in the subtropic
basin, including western boundary currents required
for closing the circulation. These barotropic gyres are
very weak, with a maximum volume flux of no more
than 1 Sv. However, such a weak plain water flux in-
duces a very strong baroclinic circulation in the basin,
shown in Fig. 19b. There is a very strong meridional
overturning cell and a zonal overturning cell, which is
a hundred times stronger than the barotropic circula-
tion. In the vertical direction, there is a surface gyre
within the top kilometer and a deep gyre below, which

has a mass flux of about 15 Sv. Notice that the western
boundary current of the surface gyre flows northward.
Since the surface gyre is a hundred times stronger than
the barotropic Goldsbrough—Stommel gyres, the baro-
clinic structure dominates the structure.

Although it seems clear (theoretically) that the me-
ridional salt flux and freshwater flux are extremely im-
portant components of the thermohaline circulation,
these fluxes have never been exactly simulated in
oceanic general circulation models and their dynamic
roles have been obscure. The results from the new
model provide some insight into the dynamical roles
of the meridional salt fluxes. The balance between the
advective salt fluxes due to barotropic and baroclinic
circulation and the diffusive salt flux is of most im-
portance. It is expected that as the model becomes more
elaborate and the forcing becomes more complex, the
evolution of the meridional salt flux will be more in-
tricate. It is hoped that the result from the new model
will stimulate interest in this issue.

The results presented in this study are among many
experiments carried out so far. Since the appropriate
handling of salinity in ocean models has been over-
looked for so long, there are many urgent numerical
tests to be carried out. The general cases combining
freshwater forcing with thermal forcing and wind stress
are under way currently and will be published later.
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APPENDIX
The Rigid-Lid Approximation

The physical boundary condition on the free surface
is
Dy
Dt

where w is the vertical velocity,

D 9 + i) o d

Z=-Z4i 42 =

Dt ot ax ay
is the total derivative, 7 is the free surface elevation,
and e = E — Pis the evaporation minus precipitation.
For the motions in the ocean interior, the following
scaling can be used

w= +e, at z=n, (A1)

(x,y)=L(x,y) (u,v)=U,v") (A2)
LU
t=Tt, n= JLU 7 (A3)
g
w=8Uw, e= \sUe, (A4)

where 6 = H/L < 1 is the aspect ratio, and A ~ 0.01
< 1. An assumption has been made that the time scale
is determined by the horizontal advection. Substituting
these relations into the boundary condition and drop-
ping the primes, one obtains

0
w=sTFa—1l7+eFu-V17+)\e, at z=¢eFn, (AS)

where er = 1/fT < 1 is the Kible number, ¢ = U/ fL
<lis t_he Rossby number, and

272 2
F=fgls =(£) =~ 0O(1),

R

where R = VgH/f is the deformation radius. If the
advection time scale L/ U is chosen as the time scale,
the first two terms are of the same magnitude. For mo-
tions with horizontal scale of 1000 km, the nondimen-
sional number ¢ F is about 10™*, which is much smaller
than A. Thus, the upper boundary condition can be

linearized as
w=e at z=0. (A6)

The rigid-lid approximation is not accurate for motions
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with time scale shorter than decadal, motions on the
planetary scale, or motions in the shallow seas. For
example, for motions of planetary scale, L = 10° cm,
for wave motion on seasonal time scales or shorter, T
<107 s, 50 e7F = 0.02. Thus, the vertical velocity due
to wave motions of the free surface elevation has the
same magnitude as that of the evaporation minus pre-
cipitation. Under such circumstances, the rigid-lid ap-
proximation, in which the free surface motion is ne-
glected, is inaccurate. Since the focus of this study is
on the large-scale circulation on climate time scale, the
rigid-lid approximation is valid.
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