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ABSTRACT
The circulation in the equatorial Pacific Ocean is studied in a series of numerical experiments based on
an isopycnal coordinate model. The model is subject to monthly mean climatology of wind stress and surface
thermohaline forcing. In response to decadal variability in the diapycnal mixing coefficient, sea surface
temperature and other properties of the circulation system oscillate periodically. The strongest sea surface
temperature anomaly appears in the geographic location of Niño-3 region with the amplitude on the order
of 0.5°C, if the model is subject to a 30-yr sinusoidal oscillation in diapycnal mixing coefficient that varies
between 0.03 ⫻ 10⫺4 and 0.27 ⫻ 10⫺4 m2 s⫺1. Changes in diapycnal mixing coefficient of this amplitude are
within the bulk range consistent with the external mechanical energy input in the global ocean, especially
when considering the great changes of tropical cyclones during the past decades. Thus, time-varying diapycnal mixing associated with changes in wind energy input into the ocean may play a nonnegligible role in
decadal climate variability in the equatorial circulation and climate.

1. Introduction
Theory of oceanic general circulation and climate
change has gradually evolved over the past decades. It
is well known that oceanic general circulation models
are sensitively dependent on parameterizations of subgrid-scale processes. In particular, models are very sensitive to the parameterization of diapycnal mixing. Different schemes of diapycnal mixing have been postulated and tested extensively, including the common
practice of using time-invariant diapycnal mixing coefficient specified a priori.
A new paradigm of theory of the oceanic general
circulation that emphasizes the critical role of external
mechanical energy in maintaining the oceanic general
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circulation has recently been developed. Because diapycnal mixing in the oceanic interior raises the center
of mass, external mechanical energy is required to sustain diapycnal mixing in the subsurface layers (Munk
and Wunsch 1998; Wunsch and Ferrari 2004; Huang
1999, 2004).
Although the ocean receives a huge amount of thermal energy from solar radiation, it cannot convert the
thermal energy into mechanical energy efficiently. The
inability of the ocean to convert thermal energy
through the air–sea interface is due to the peculiar fact
that the ocean is heated and cooled from the upper
surface only (Sandström 1908, 1916; Huang 1999; Wang
and Huang 2005). (The contribution from geothermal
heating is negligible.) As a moving system, thus, the
ocean requires external sources of mechanical energy
to overcome friction. The primary sources of mechanical energy for the ocean include tidal dissipation and
wind energy input through the upper surface (Munk
and Wunsch 1998).
Although tides have been omitted in oceanic general
circulation for many decades, it is now commonly acknowledged that tidal dissipation is one of the primary
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energy sources that support diapycnal mixing in the
oceanic interior, especially in the deep ocean. It is estimated that the total tidal dissipation rate in the open
ocean is on the order of 0.7–0.9 TW, which may contribute 50% of the energy required for sustaining diapycnal mixing in the subsurface ocean (Munk and
Wunsch 1998).
However, energy input from wind stress may play a
vitally important role in regulating climate variability
through changes in diapycnal mixing. According to recent studies, wind energy input to the Ekman layer is
about 3 TW (Wang and Huang 2004a; Alford 2003a)
and wind energy input to the geostrophic current is
about 1 TW (Wunsch 1998). Over the past 50 yr, these
sources of energy varied greatly (Alford 2003a; Wang
and Huang 2004a; Huang et al. 2006). In addition, wind
energy input to surface waves is estimated at 60 TW
(Wang and Huang 2004b). Although it is believed that
most of this energy is dissipated in the upper ocean, the
potential role of surface waves dissipation in regulating
the thermohaline circulation remains unclear.
Tropical cyclones play an important role in driving
the thermohaline circulation and thereby in regulating
regional and global climate (Emanuel 2001). Because
of the strong wind associated with tropical cyclones, a
large amount of energy can be input to the ocean, which
can substantially enhance diapycnal mixing at low latitudes. Recent studies showed that the energy dissipation rate of tropical cyclones in the western North Pacific and North Atlantic Oceans has nearly doubled
over the past 30 yr (Emanuel 2005).
There may be some special long-term tidal components that can induce climate variability on decadal
time scales or longer, such as potential surface temperature variability in coastal seas associated with the 18.61yr-period tides (Loder and Garrett 1978). In general,
however, tidal dissipation can be considered nearly
constant over time scales shorter than centennial.
Because wind stress energy input varies greatly, the
energetic level of internal waves should also change in
response. An important theoretical question is whether
a time-varying diapycnal mixing rate can induce noticeable climate variability. This basic idea has been tested
in a three-dimensional oceanic general circulation
model. Boos et al. (2004) carried out numerical experiments with a time-varying diapycnal mixing rate for an
Atlantic-like model ocean. Their results indicate that
transient diapycnal mixing can effectively drive the meridional overturning, as long as the mixing was not
highly localized in space.
In the Pacific Ocean strong evidences have shown
that there exists decadal variability in climate records
with a typical period of 15–25 and 50–70 yr (Mantua
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and Hare 2002; Mantua et al. 1997). Previous studies of
the decadal variability in the Pacific Ocean have been
focused on nonlinear air–sea interaction, without taking into consideration changes in the diapycnal mixing
coefficient associated with the wind stress energy input
into the ocean. Some parameterizations, such as the
K-profile parameterization scheme (Large et al. 1994),
the Pacanowski and Philander (1981) scheme, and the
Mellor and Yamada (1982) scheme, may partially include the effects; however, these schemes may not represent the subgrid-scale internal waves and turbulent
processes accurately, and thus much room is left for
further study.
In contrast to the nearly constant dissipation rate associated with tides on time scales shorter than centennial, energy input from wind stress varies greatly on
time scales shorter than centennial. In the equatorial
Pacific Ocean the mechanical energy sustaining diapycnal mixing comes partly from the local wind energy
input and partly from wind energy input at middle/high
latitudes. Most of wind energy input to the ocean is
concentrated over the Antarctic Circumpolar Current
region and the storm-track regions in the Northern
Hemisphere, and their variability is larger than that in
the equatorial ocean (Alford 2003a; Wang and Huang
2004a; Huang et al. 2006). For example, extratropical
near-inertial energy input has increased by approximately 40%, but the input in the tropical regime has
remained nearly constant over the past 50 years (Alford
2003a).
In the ocean, the equilibrium of energy of internal
waves and turbulence is nonlocal. Since wind energy
input at low latitudes is smaller than that at high latitudes, there are indications that an equatorward energy
transfer is at work in the World Oceans. In fact, nearinertial energy fluxes in both hemispheres are directed
overwhelmingly equatorward (Alford 2003b). Nagasawa et al. (2000) found that near-inertial waves excited at 10°–45°N in the North Pacific by midlatitude
storms and tropical cyclones can propagate equatorward down to 5°–15°N, where their energy is transferred to small-scale dissipation by parametric subharmonic instability, enhancing diapycnal mixing in these
areas. Moreover, wind-induced near-inertial energy
may be redistributed by advective processes (Zhai et al.
2004). Some studies have revealed that wind stress variability in the Southern Ocean has a noticeable effect on
the equatorial circulation. For example, strong wind
stress in the Southern Ocean can enhance westward
surface currents in the equatorial Pacific Ocean (McDermott 1996, Fig. 10 in his paper). Therefore, the
cause of variability of diapycnal mixing in the equatorial Pacific Ocean is not limited to changes in wind
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stress in the equatorial ocean; instead, it should be
linked to changes in wind stress outside of the equatorial band. Some recent studies have reviewed the relationship of mechanical energy input and diapycnal mixing in the ocean (Garrett and St. Laurent 2002; Wunsch
and Ferrari 2004). However, our understanding of processes sustaining internal waves and turbulence in the
ocean remains rudimentary. At this stage, thus, it is
helpful to explore the effect of variability in diapycnal
mixing in separation from changes in local wind.
The goal of this investigation is to use a numerical
model to test the response of the equatorial circulation
to changes in diapycnal mixing coefficient on decadal
time scales. The model is based on an isopycnal model
and set for the equatorial Pacific Ocean. Diapycnal
mixing coefficient is treated as a parameter independent of the local wind stress, which implies the influence of the variability of the global wind stress energy
on the equatorial Pacific Ocean. The model details are
discussed in section 2. Several sets of numerical experiments were carried out, and the results of these experiments are discussed in section 3. Because we do not yet
know the exact pathways of energy conversion from
wind energy to energy of internal waves and turbulence
supporting diapycnal mixing, diapycnal mixing coefficient and its time variability are specified a priori. The
conclusions are drawn in section 4.

2. Model formulation
The Hallberg Isopycnal Model based on the isopycnal coordinate (Hallberg 2000; Hallberg and Rhines
1996; Thompson et al. 2002) was used in our numerical
experiments. The major advantage of using an isopycnal coordinate model is that such a model can substantially reduce the artificial diapycnal mixing associated
with the vertical/horizontal advection in the z-coordinate model (Griffies et al. 2000).
The model domain covers the equatorial Pacific
within 30°S–30°N and 123°E–69°W, with a modest horizontal resolution of 1° by 1°. The model has 25 layers in
the vertical direction, including a Kraus and Turner
(1967) bulk mixed layer and a layer underneath that
acts as a buffer layer between the mixed layer and the
layers below. The remaining 23 layers are of density
2 ⫽ 30.8, 31.8, 32.6, 33.1, 33.5, 33.9, 34.2, 34.5, 34.8,
35.1, 35.4, 35.7, 36.0, 36.2, 36.4, 36.6, 36.75, 36.85, 36.92,
36.965, 37.005, 37.04, and 37.085 kg m⫺3. The reference
pressure is set to 2.0 ⫻ 107 Pa. The Scripps topography
with a horizontal resolution of 1° is used (Gates and
Nelson 1975) with a maximal depth of 5500 m.
The model is initiated with the temperature and salinity conditions in January taken from the Levitus climatology (Levitus and Boyer 1994; Levitus et al. 1994).

The Florida State University (FSU) monthly mean climatology of wind stress with a horizontal resolution of
2° by 2° is used (Legler and O’Brien 1988), which has
been interpolated linearly to the grids in this study. The
sea surface temperature (SST) and salinity (SSS) are
relaxed toward the monthly mean climatology (Levitus
and Boyer 1994; Levitus et al. 1994) with a relaxation
time of 30 days for SST and 120 days for SSS (for a
mixed layer 50 m thick). Sponge layers are placed along
the northern/southern boundaries of the model basin,
with eight rows of grids, and within the sponge layer
both temperature and salinity are relaxed toward the
Levitus monthly mean climatology with a relaxation
time of 1 day at the boundary and increased to 2n days
to the nth row from the northern/southern boundaries;
thus, the relaxation time is 128 days for the innermost
grids of the sponge layers.
The horizontal viscosity is parameterized as max(0.05⌬,
0.4⌬2公D2T ⫹ D2S), where ⌬ is the grid spacing, DT ⫽
ux ⫺ y, and DS ⫽ uy ⫹ x (Smagorinsky 1963; Griffies
and Hallberg 2000). The vertical viscosity coefficient is
set to 10⫺4 m2 s⫺1. The isopycnal thickness diffusion
coefficient is set to 500 m2 s⫺1, and the horizontal diffusion coefficient is set to 1000 m2 s⫺1 (Gent and
McWilliams 1990). The nonlinear equation of state by
Wright (1997) is used. A time-splitting scheme is used
(Hallberg 1997), with the barotropic time step of 120 s,
the baroclinic time step of 3600 s, and the temperature/
salinity time step of 3600 s.

3. Experimental results
The model ocean was first spun up from an initial
state with a fixed diapycnal mixing coefficient (DMC
hereinafter) of 0d ⫽ 0.15 ⫻ 10⫺4 m2 s⫺1 for 90 yr to
reach a quasi-equilibrium state. Afterward, the model
was restarted from this quasi-equilibrium state and run
for an additional 60 yr except in experiment F, which
was run for 110 yr, under the following time-dependent
formula for DMC:

d ⫽ d0 ⫹ ⌬d sin关共2t兲ⲐT 兴,

共1兲

where ⌬d is the amplitude of the variation (m2 s⫺1), t
is the time (yr), and T is the period of the variation (yr).
There are six categories of numerical experiments in
this study, experiments A–F (Table 1). Experiment A is
a standard run with ⌬d ⫽ 0. Experiment B corresponds to ⌬d ⫽ 0.12 ⫻ 10⫺4 m2 s⫺1 with a period of 4
yr. There are four runs in experiment C, where the
period of the variation of DMC is fixed at 10 yr, and the
amplitude of the oscillation is selected as ⌬d ⫽ 0.12 ⫻
10⫺4, ⌬d ⫽ 0.09 ⫻ 10⫺4, ⌬d ⫽ 0.06 ⫻ 10⫺4, and
⌬d ⫽ 0.03 ⫻ 10⫺4 m2 s⫺1, corresponding to experiments C, C1, C2, and C3, respectively. In experiment D,

1166

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 37

TABLE 1. DMC used in experiments: d ⫽ 0d ⫹ ⌬d sin2t/T, 0d ⫽ 0.15 ⫻ 10⫺4 m2 s⫺1, ⌬d is the amplitude of the mixing rate (10⫺4
m2 s⫺1), and T is the period of mixing (yr). DMC is constant in both expts A and W1. DMC is a local variable in expts D1–D12, and
the regions for these experiments are shown in Fig. 1a. Wind stress has decadal variability in expts W1 and W2.
Expts

A

B, C, D, E, F

C1, C2, C3

D1–D12

W1, W2

T (yr)
⌬d (10⫺4 m2 s⫺1)

—
—

4, 10, 30, 20, 50
0.12

10
0.09, 0.06, 0.03

30
0.12

—, 10
—, 0.12

the period of the DMC variation is 30 yr, and the amplitude of the variation is ⌬d ⫽ 0.12 ⫻ 10⫺4 m2 s⫺1.
Twelve additional sets of experiments were also carried
out for the cases with a 30-yr period. For experiments
D1–D12, the DMC varies with time, but it is confined
to specific zones (Fig. 1a). Experiment E corresponds
to ⌬d ⫽ 0.12 ⫻ 10⫺4 m2 s⫺1 with a period of 20 yr and
experiment F corresponds to ⌬d ⫽ 0.12 ⫻ 10⫺4 m2 s⫺1
with a period of 50 yr.
In the following discussion, experiment A will be
taken as the standard run, and results from other experiments will be examined in terms of their deviations
from experiment A.

a. Experiments with DMC varied over the whole
model basin
The most outstanding feature induced by periodic
change in DMC is the periodic change in sea surface
temperature anomaly (SSTA). SSTA appears primarily

in the central and eastern equatorial Pacific, in particular at the geographic location called Niño-3 (5°S–5°N
and 150°–90°W). The minimal (maximal) SSTA appears at the time of DMC maximal (minimal). For experiments run under the same amplitude of variability
in DMC, the amplitude of a SSTA in Niño-3 increases
as the period of the DMC becomes longer (Fig. 2).
Although the variations of DMC in these experiments
are sinusoidal, the time series of SSTA in Niño-3 is not
exactly sinusoidal. In fact, the amplitudes of SSTA in
the positive phase are slightly larger than those in the
negative phase. For example, for experiment B (D)
with a period of 4 (30) yr, the amplitude of SSTA is
⫺0.16°C (⫺0.27°C) appearing at the time of maximal
DMC and 0.20°C (0.40°C) appearing at the time of
minimal DMC. As a result, the mean SST averaged
over the period of the cycle in Niño-3 (defined as SST ⫽
(1/T )兰T0 SST dt, where T is the period of oscillation in
DMC) is slightly different than the climatological mean

FIG. 1. (a) The zones of local changes in DMC in expts D1–D12, (b) amplitude of SSTA in Niño-3 (°C),
(c) amplitude of change in energy supporting mixing (TW), and (d) mixing efficiency for localized
variability in the DMC (°C TW⫺1).
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FIG. 2. Time evolution of SSTA in Niño-3 in expts B (solid
line), C (dash–dot line), and D (dotted line).

(Fig. 3). The drift in SST at Niño-3 is closely associated
with the nonlinearity of the circulation system as discussed below. Note that the drift in SST at Niño-3 indicates a change of the mean state of the equatorial
circulation system, and such a drift can affect the time
variability of the system; however, a systematic exploration of this dynamic issue is beyond the scope of this
study.
In the second set of experiments, C, C1, C2, and C3,
DMC was varied over the same period of 10 yr, but the
amplitude of the variability in DMC was different
(Table 1). Results from this set of experiments indicate that the range of SSTA, defined as (SSTAmax ⫺
SSTAmin), in Niño-3 is approximately linearly proportional to the amplitude of the variability in DMC, ⌬d
(Fig. 4).
Diagnosis of the model output indicates that the
SSTA in Niño-3 is closely associated with great changes
in the three-dimensional structure of the equatorial circulation system and the patterns of such changes seem
independent of the period of the oscillation in DMC.
Therefore, our analysis here is focused on experiment
D with a period of 30 yr that is close to the first interdecadal time scale of Pacific decadal oscillation (Mantua and Hare 2002).
At the time of maximal DMC (year 128) SSTA is
negative in the central-eastern equatorial Pacific and
reaches a minimum in Niño-3, approximately ⫺0.5°C
(Fig. 5a). This local minimum in SSTA is due to the
following mechanisms.
First, strong local diapycnal mixing entrains cold water from the subsurface layer and reduces the SST. The
effect of varying mixing is expected to be stronger
where there is a strong main thermocline close to the
sea surface, and Niño-3 is exactly such a location.
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FIG. 3. Drift of SST in Niño-3 induced by oscillation in DMC of
different periods.

Because of cooling in the upper ocean, the associated
sea surface height anomaly (SSHA) is negative in the
central-eastern equatorial Pacific (Fig. 5c). A negative
SSHA in the central equatorial Pacific can reduce the
westward surface pressure gradient force in the eastern
basin and thus can enhance the westward surface flow
(Fig. 5e). As a result, the reverse flow in the subsurface
layer, the Equatorial Undercurrent, is also intensified,
with an increase of volume flux of 3 Sv (1 Sv ⬅ 106 m3
s⫺1) in the central equatorial Pacific (Fig. 6b). These
changes are consistent with changes in vertical stratification along the equator. At the time of maximal DMC
(year 128) the upper ocean, defined as water mass
above the 20°C isotherm, is cooled down. Note that the
depth of the 20°C isotherm at the western boundary
remains basically unchanged (Fig. 7a). Thus, the slope

FIG. 4. The dependence of the range of SSTA in Niño-3 as a
function of the amplitude of the variation in DMC.
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FIG. 5. (left) SSTA, (middle) SSHA, and (right) sea surface zonal current anomaly at the time of (top) maximal DMC and
(bottom) minimal DMC taken from expt D.

of the equatorial main thermocline is enlarged, which is
consistent with the stronger than normal Equatorial
Undercurrent.
Second, SSTA at a given location, such as Niño-3,
can be induced by changes in DMC in other locations.
In fact, the anomaly of the Equatorial Undercurrent
may be generated by a large-scale adjustment induced
by DMC, which appears in the form of waves propagating through the ocean interior. Water with anomalous temperature transported by the Equatorial Undercurrent should also contribute to changes in SST. Note
that at the time of maximal DMC, cooling is confined to
the upper column only. In fact, when water in the surface layer is cooled, water in subsurface layers (below
isotherm 20°C) is warmed up (Fig. 7a). Such a warming
of the subsurface layer is partly due to the stronger than
normal vertical mixing. In addition, this subsurface
warming can also be attributed to the adjustment of the
three-dimensional circulation system.
At the time of minimal DMC, the subsurface temperature anomaly flips its sign (Fig. 7b), and the corresponding changes in SSTA, SSHA, sea surface zonal
current anomaly, and transport anomaly of the equatorial undercurrent also change their sign, as shown in
Figs. 5b,d,f and 6b. Note that anomalies in this phase of
DMC appear stronger than those in the phase of maxi-

mal DMC discussed above. In fact, in addition to the
flipped signs along the equator, SSHA signals in the
latitude band of 5°–15°N have signs opposite to the
equatorial regime (Fig. 5). Similarly, SSTA in the extratropics have signs opposite to that in the equatorial
regime. Thus, the oceanic response to spatially uniform

FIG. 6. (a) DMC and (b) time evolution of the volume transport
anomaly of the Equatorial Undercurrent taken from expt D.
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FIG. 7. Temperature profile along the equator for years (a) 128 and (b) 143 (gray curves
for expt A and black curves for expt D; interval: 2°C).

changes in DMC is nonlinear and inhomogeneous in
space, which is related to the three-dimensional nature
of the equatorial circulation.

b. Experiments with DMC varied over subdomains
of the model basin
The experiments discussed above are for the cases
with DMC varied over the entire model basin uniformly. Another interesting question is whether localized time variability in the DMC can induce similar
variability in the SST. In particular, the tropical cyclones tend to transfer a large amount of energy into a
relatively small portion of the ocean. It is obvious that
wind energy input from the tropical cyclones can definitely enhance the local diapycnal mixing rate greatly.
However, the dynamic impact of the tropical cyclones
may not be confined to the local circulation. Some studies have explored the dynamical effect of localized
strong DMC on the meridional overturning rate. For
example, based on numerical experiments on a simple
boxlike model ocean mimicking the North Atlantic,
Scott and Marotzke (2002) came to the conclusion that
intensified DMC in place with strong stratification can
enhance meridional overturning circulation more effectively. Boos et al. (2004) noticed that both the meridional overturning rate and poleward heat flux response
to time-varying DMC in the oceanic interior react more
sensitively than near the boundaries of the model basin.
This study is focused on the dynamical effect of timevarying DMC on SSTA in the equatorial ocean. To
answer this question we carried out a third set of numerical experiments, series D1–D12, in which DMC
was varied with an amplitude of ⌬d ⫽ 0.12 ⫻ 10⫺4 m2

s⫺1 with a period of 30 yr; however, periodic change in
DMC was confined to some specific zones of the model
basin only (Fig. 1a).
Similar to the cases discussed above, localized timevarying DMC can also induce periodic SSTA in the
whole equatorial Pacific. Depending on the exact location of the localized time-varying DMC, spatial patterns of induced SSTA may vary; however, it is most
interesting to compare SSTA appearing in Niño-3. The
overall dynamical effect of time-varying DMC strongly
depends on the location where DMC changes with
time. For example, in experiment D9 the time-varying
DMC is confined to a subregime in the northwest of the
model basin. Volume transport of the Equatorial Undercurrent varied in a way similar to that of experiment
D but with small amplitude of less than 1 Sv.
Two criteria are used to evaluate the dynamical effect of the localized changes in DMC. The first criterion
is the amplitude of SSTA in Niño-3, ⌬Nino3_SSTA.
The second criterion is the DMC efficiency defined as

⫽

⌬Nino3_SSTA
,
⌬Wmix

共2兲

where ⌬Wmix is the amplitude of change in energy supporting mixing, and mixing energy is diagnosed approximately from the model as
Wmix ⫽

冕冕

gd
共b ⫺ t兲 dx dy,
␣

共3兲

where ␣ ⫽ 0.2 is an empirical coefficient related to the
efficiency of diapycnal mixing (Osborn 1980) and b
and t are density on the sea floor and the uppermost
layer below the buffer layer. Note that there is also
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strong mixing in the mixed layer, and the maintenance
of the dynamical structure of the mixed layer requires
external mechanical energy, which comes primarily
from wind stress input into the surface waves and Ekman layer (Wang and Huang 2004a,b). However, the
focus of this study is on the energetics of the interior
mixing; thus, the energetics balance of the mixed layer
is beyond the scope of this paper and it is omitted in the
following discussion.
It is readily seen that the most effective place to put
the localized time-varying DMC is zone D7, which is
roughly the same as Niño-3. In such a case, the amplitude of SSTA in Niño-3 is 0.19°C, much larger than that
induced by time-varying DMC in other regions (Fig.
1b). The D6 zone is also an effective place to put in the
perturbation in DMC; however, the corresponding amplitude of SSTA in Niño-3 is 0.1°C, about one-half of
the value of zone D7. The least effective place to put
the localized time-varying DMC is the southeast corner
of the model basin. In addition, the localized timevarying DMC put in the northeast and southwest is not
efficient.
The amplitude of change in energy required to support mixing is similar for most cases, and it is on the
order of 0.03 TW (Fig. 1c). Note that energy required
for D7 is 0.031 TW, so it is slightly smaller than some
other runs. With a smaller amount of energy required
to support the time-varying diapycnal mixing, experiment D7 is the most efficient run in terms of using
external mechanical energy to produce the largest possible perturbation in SSTA in Niño-3 from the circulation system. In general, the equatorial band is the most
effective place to apply the time-varying DMC, and the
least effective place to apply the time-varying DMC is
in the southeast, northeast, and southwest corners of
the model basin (Fig. 1d).
For instances with the localized time-varying DMC
applied to places outside of the Niño-3 zone, changes of
SSTA in Niño-3 must be induced primarily by advection of the basin-wide circulation. Therefore, the equatorial zone is the most effective place to apply the timevarying DMC because the effects of change in the
DMC can be carried to Niño-3 through the equatorial
zonal currents. Experiment D7 is remarkable because a
time-varying DMC can also directly affect the SSTA in
Niño-3 through local vertical mixing and advection.
However, for instances with a time-varying DMC
placed on off-equator zones the effect of a time-varying
DMC is remote and relatively ineffective.
Although Fig. 1d shows that mixing in the western
Pacific is energetically less efficient in producing climate variability in the Tropics, note that our results are
drawn under the assumption of the same amplitude of
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DMC. Changes of DMC may be spatially nonuniform
in the ocean. In particular, changes of DMC in the regions with frequent activity of tropical cyclones may be
much larger than that in other regions because of the
great change in energy dissipation rate of tropical cyclones over the past decades (Emanuel 2005). Thus,
tropical cyclones may have a large influence on the
climate in the Tropics. Wind stress fields used in many
previous studies are based on wind products, in which
strong nonlinear events, such as hurricanes or typhoons, are smoothed out. As a result, the dynamic
impacts of these nonlinear events cannot be truthfully
reproduced in these studies.

c. Changes in the ocean interior induced by a
time-varying DMC
It is now well known that large-scale oceanic waves,
including both Kelvin waves and Rossby waves, play
important roles in the adjustment of oceanic general
circulation and ENSO in particular (McCreary 1983;
Graham and White 1988). Early studies on the dynamical effect of the time-varying DMC have pointed out
the role of Rossby waves. For example, Boos et al.
(2004) noticed that time-varying DMC near the boundary can induce both boundary-trapped waves and westward-propagating Rossby waves, and a time-varying
DMC in the oceanic interior can induce Rossby waves.
As external energy supporting diapycnal mixing varies, stratification in the ocean is altered in response, and
these changes are intimately associated with global geostrophic adjustment processes in the form of large-scale
waves, such as Rossby waves and Kelvin waves. Diagnosis of our numerical experiments indicates westward
signal propagation in the subsurface layers. As an example, annual-mean depth anomaly of 2 ⫽ 36 is shown
in Fig. 8. The mean depth of this isopycnal surface is
approximately 600 m. The anomalies are formed near
the eastern boundary and propagate westward. Near
the eastern boundary the anomalous signals are roughly
symmetric with respect to the equator; however, away
from the eastern boundary they become asymmetric
with larger amplitude in the Northern Hemisphere. On
the other hand, anomalies in the Southern Hemisphere
seem to penetrate deep into the subtropics. The asymmetric characters of anomalies reflect the asymmetric
nature of forcing and the background stratification in
the equatorial circulation.
The amplitude of anomalies and the westward propagation can be most readily seen near 10°N. During the
peak DMC (year 128), depth anomaly is positive in the
eastern basin, but it is negative in the western basin
(Fig. 8b). Thus, the isopycnal surface in the eastern
basin moves downward, but it moves upward in the
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FIG. 8. Anomaly of the annual-mean depth of 2 ⫽ 36.0 in expt D for (a)–(f) years
123–148 (interval: 4 m).

western basin. On the other hand, depth of this isopycnal moves downward along the whole equatorial
band, although the depth anomaly in the eastern equatorial ocean is slightly larger than in the western equatorial ocean. Note that on the annual-mean depth map
there is no signal of wave propagation along the equator. This is because the equatorial Kelvin waves move
so fast that the adjustment process associated with
equatorial Kelvin waves can be considered as instantaneously finished; thus, they do not appear in such annual-mean maps.
Rossby waves can also be identified from the zonal
section taken along a latitudinal circle off the equator
(Fig. 9). It is readily seen that Rossby waves are produced near the eastern boundary and move westward.
In experiment C on isopycnal 2 ⫽ 36, Rossby waves
are produced right on the eastern boundary (Fig. 9a);
however, on isopycnal 2 ⫽ 36.6, Rossby waves are

produced at a location slightly west of the eastern
boundary (Fig. 9b). The waves have a period of approximately 10 yr, and the signals generated near the
eastern boundary take about 10 yr to reach the western
boundary. Although amplitude of anomalies on 2 ⫽ 36
seems to decline slightly during the westward propagation, amplitude of these waves on both isopycnal surfaces remains basically unchanged over the whole basin. Note that the speed of these waves is slightly larger
in the western basin, and this is probably due to the fact
that the isopycnal surface in the western basin is deeper
and the corresponding wave speed for the first baroclinic mode is enhanced (Chelton et al. 1998).
Depth anomalies on the same isopycnal surfaces for
experiment D also appear in the form of Rossby waves
(Figs. 9c,d). These waves take about 30 yr to propagate
across the basin, which is longer than that in experiment
C. These waves are induced by changes in DMC and
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FIG. 9. Time-zonal plot of the depth anomaly for (left) 2 ⫽ 36.0 and (right) 2 ⫽ 36.6,
taken from (top) expt C (interval: 3 m) and (bottom) expt D (interval: 4 m) along 11.5°N.

appear as a combination of different baroclinic modes.
The changes in DMC with longer periods can produce
higher-mode waves (Fig. 10); thus, the apparent wave
signals will take longer time to propagate across the
basin. Note that on the isopycnal surface 2 ⫽ 36 both
the amplitude and the phase speed of the anomalies
may increase during the westward movement. However, anomalies on the isopycnal surface 2 ⫽ 36.6 seem
to behave differently.
The density anomaly has a complicated vertical structure, as shown in Fig. 10, where Figs. 10a,c are the depth
anomaly in the isopycnal coordinate taken at the time
of maximal DMC and Figs. 10b,d for the time of minimal DMC. In experiment C, at the time of maximum
DMC the depth anomaly near the western boundary is
positive, which implies all isopycnals deepen, while
during the minimum DMC the depth anomaly near
the western boundary is negative and does not change
sign with depth; however, in the eastern basin depth
anomaly appears in higher modes (Figs. 10a,b). For ex-

ample, in year 143 it is positive in the upper and deep
ocean, but it is negative at a middle depth.
In comparison, the vertical structure of the depth
anomaly in experiment D is more complicated because
of the existence of higher modes (Figs. 10c,d). The existence of higher modes is due to the fact that the forcing frequency is low enough exciting long-period baroclinic modes of Rossby waves in extratropics.
As these Rossby waves reach the western boundary,
part of their energy is transformed into equatorward
Kelvin waves that turn toward the equator where they
continue to move eastward along the equatorial waveguide, thus inducing decadal variability in the equatorial ocean. Knutson and Manabe (1998) argued that
decadal variability in the equatorial ocean might be induced by westward-propagating Rossby waves in extratropics. Figure 11 reveals an approximate annual-mean
depth anomaly of the isopycnals under the mixed layer
along the equator in experiment D at the time of the
maximal DMC (year 128) and the minimal DMC (year
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FIG. 10. Annual-mean depth anomaly of the isopycnals along 11.5°N in (top) expt C (interval: 3 m) for years (left) 143 and (right) 148 and in (bottom) expt D (interval: 6 m) for years
(left) 128 and (right) 143.

143). The depth anomaly of isopycnal surfaces along
the equator appears mainly in the form of the second
baroclinic mode. At the time of DMC maximum, the
depth anomaly is negative in the upper layer and positive in the lower layer (Fig. 11a). During the phase of
DMC minimum, the depth anomaly reveals opposite signs (Fig. 11b). As discussed in previous publications (e.g., Huang and Pedlosky 1999; Liu 1999),
anomalous cooling/heating at the upper ocean can induce climate variability in the subsurface ocean, which
is primarily in the form of the second (or higher) baroclinic mode. Thus, our results are consistent with previous studies.

4. Combining dynamical effects caused by
variation in DMC and wind stress
Some of the major factors not included in the experiments discussed above are changes in air–sea heat flux
and the decadal variability in wind stress in the equa-

torial and subtropical Pacific. For example, changes in
local wind stress can affect equatorial upwelling and
thus change the local SST. In addition, change in local
wind can affect SST through altering the air–sea heat
flux and the zonal advection, as shown in recent studies
(e.g., Wang and McPhaden 2000). Furthermore,
changes in extratropical wind stress can influence the
equatorial circulation remotely through the ocean
bridge (Gu and Philander 1997; Huang and Wang 2001;
McPhaden and Zhang 2002).
These factors have been explored extensively in the
previous studies, most closely related to ENSO dynamics and decadal variability in the ocean. To isolate the
contribution from small-scale mixing, we have purposely omitted the important effect of decadal changes
in wind stress and heat flux. It is clear that a comprehensive understanding of long-term variability in the
equatorial ocean can be gained through numerical experiments forced by the realistic combination of these
factors.
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FIG. 11. Annual-mean depth anomaly of the isopycnals along the equator in expt D for
years (a) 128 and (b) 143 (interval: 4 m).

Because of the preliminary statue of our knowledge
of small-scale mixing parameterization, a satisfactory
design of such numerical experiments remains a great
challenge. Therefore, our aim in this section is to explore the possible outcome from such experiments
through some simply designed experiments. In particular, we will be focused on the potential effect of decadal
variability of wind stress in combination with variable
DMC in the equatorial ocean.
Surface wind stress in the previous experiments is the
monthly mean climatology. To examine the effect of
DMC on the ocean with variable wind stress, two other
experiments, W1 and W2, have been run, which were
forced by decadal variable wind stress:

冉

 ⫽ 1 ⫹ 0.2 sin

冊

2 t
,
10 0

共4兲

where t is the time in units of year and  is the FSU
monthly mean climatology of wind stress. The DMC is
set to a constant in experiment W1. However, the DMC
in experiment W2 is varied in the same way as in experiment C—that is, the maximal DMC occurs during
the time of maximal wind forcing (Table 1).
The results show that decadal changes in wind stress
in equatorial Pacific can be very efficient in causing
large changes in SST. In fact, according to these experiments, 20% changes in wind stress or 80% changes in
DMC can induce SSTA of the same magnitude (Fig.
12), although 80% variability in DMC may seem too
large and unrealistic as compared with 20% change in
wind stress. Taking results from these experiments, one
may come to the conclusion that wind stress changes
are more efficient in driving changes in SST than are
changes in DMC. However, the dynamical contributions from wind stress and DMC are nearly superpositioned, as shown by the dotted line in Fig. 12.

There are two important points related to this issue.
First, even if variability in DMC is less effective than
that in wind stress changes, decadal variability in DMC
may still be a nonnegligible contribution to the decadal
variability of the equatorial circulation. Second, we
have no reliable data or theory to quantify the variability of DMC on decadal time scale. In particular, recent
work by Emanuel and his colleagues suggested that
there is a chance that mechanical energy supporting
diapycnal mixing in the equatorial ocean may vary
greatly because of the contribution from nonlinear
events like the tropical hurricanes or typhoons (Bister
and Emanuel 2002; Emanuel 2005). Because of the tremendous difference between the spatial and temporal
scales of turbulence and internal waves in the ocean
and the resolutions that are affordable in the currently
used oceanic general circulation models, there remains
a grand challenge in parameterizing such nonlinear

FIG. 12. Time evolution of SSTA in Niño-3 in expts C (dashed
line), W1 (dash–dot line), W2 (solid line), and the superposition
of SSTA in Niño-3 in expts C and W1 (dotted line).
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physics into oceanic general circulation models. Therefore, realistic simulation of equatorial circulation, including realistic combination of decadal variability in
wind stress, heat flux, and DMC, will be an exciting
research frontier in future studies.

5. Conclusions
We have carried out numerical experiments to test
the ideas that decadal variability in DMC may induce
noticeable anomalies in the equatorial Pacific Ocean.
As DMC oscillates periodically, the whole equatorial
circulation is forced into a periodic cycle. Such a periodic cycle is intimately associated with changes in the
equatorial current system and SST. In particular, at the
time of maximal DMC, SST in the central equatorial
Pacific is cooled down by a stronger-than-normal diapycnal mixing, and the effect of stronger mixing works
most efficiently over the area of a strong near-surface
main thermocline, that is, a place like Niño-3. Surface
cooling leads to a decline of sea surface height in the
central Pacific. In addition, it can also induce a negative
anomaly in the west–east pressure force in the surface
layer. The decline in the zonal pressure force enhances
the westward flow in the surface layer and the eastward
flow associated with the Equatorial Undercurrent.
Experimental results on the localized time-varying
DMC are very interesting. Regardless of the location of
the localized time-varying DMC, the notable amplitude
of SSTA always appears in Niño-3. It is not surprising
that the most efficient location of applying time-varying
DMC is Niño-3 and its vicinity, that is, both the amplitude of SSTA and the efficiency of the perturbations, as
defined above, are the highest if the time-varying DMC
is put in Niño-3 or its vicinity. In addition, the equatorial currents, including the surface currents and the
Equatorial Undercurrent, work together to produce
SSTA. On the other hand, if time-varying DMC is far
away from Niño-3, its dynamical influence is remote
and less efficient because it has to go through the current system.
The most important result from our numerical experiments is that time-varying DMC may be a nonnegligible contributor to the decadal variability of the nonlinear air–sea interaction in the equatorial Pacific. For
idealized cases discussed in this study, a model ocean
under climatological mean wind stress and thermohaline forcing can develop decadal variability in SSTA,
with amplitude on the order of 0.5°C in Niño-3, which
is very strong and is comparable to the amplitude of
decadal variability observed.
From an energetics point of view, wind energy over
the global ocean calculated from the daily mean wind
stress showed that the mechanical energy input to the

ocean increased more than 20% over the past 30 yr
(Wang and Huang 2004a,b; Huang et al. 2006), and,
most important, energy dissipation rate of tropical cyclones almost doubled during the same time period
(Emanuel 2005). Since the mechanical energy input to
the ocean can be transferred to a great distance via
internal waves, it is speculated that the amplitude of
time-varying DMC in the equatorial Pacific Ocean will
have large amplitude. The next step in this line of research is to implement the time-varying DMC in a commonly accepted ENSO model to see how the model’s
decadal variability would be altered. A vital component
of such numerical experiments associated with the
specification of the time-varying DMC remains somewhat subjective and thus needs to be improved as new
theory and parameterization come along.
Of course, the exact pathway for the mechanical energy from wind stress to internal wave breaking in the
ocean interior remains unclear at this time. Thus, further study of the energetics of the oceanic circulation
and its impact on large-scale climate problem is needed.
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